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Prominent negative carbonate carbon isotope (δ13Ccarb) anomalies from some Ediacaran successions are
accompanied by invariant or decoupled organic carbon isotope (δ13Corg) values and have been interpreted as
resulting from the remineralization of a large dissolved organic carbon (DOC) reservoir capable of buffering
carbon isotopes of organic matter. This inferred oceanic DOC reservoir was thought to have initiated with the
onset of Cryogenian glaciations (ca. 720 Ma) and lasted for millions of years until the late Ediacaran Period
(b560 Ma). Carbon isotope analyses of the basal Doushantuo Formation (ca. 635 Ma) in south China reveal
that (1) the cap carbonate has δ13Corg around −26‰ (VPDB) and relatively low Δδ13C (22±2‰) and (2) the
overlying organic-rich black shale and shaly dolostone have more negative δ13Corg (−28‰ to −35‰) and
higher Δδ13C (28‰–30‰). Both δ13Ccarb and δ13Corg show a +6‰ shift within a 4-m-thick interval overlying
the Doushantuo cap carbonate. The δ13Corg values of the cap carbonate are associated with low TOC
(mostlyb0.1%); their paleoceanographic significance requires further tests in other Ediacaran basins. The co-
varying positive shift in δ13Ccarb and δ13Corg following cap carbonate deposition is best interpreted as
resulting from a rapid increase in organic carbon burial, which may have resulted in the rise of oxygen and
heralded the first appearance of animals a few meters above the Doushantuo cap carbonate. The data suggest
that a large oceanic DOC reservoir did not exist in the early Ediacaran ocean. Excess oceanic DOC required to
explain the Ediacaran Shuram and upper Doushantuo δ13C excursions, if it existed, had to be developed
during the Ediacaran Period after cap carbonate deposition.

© 2010 Elsevier B.V. All rights reserved.

1. Introduction

The Ediacaran Period is characterized by unusually large negative
carbonate carbon isotope anomalies (Fike et al., 2006; Halverson et al.,
2005; Jiang et al., 2007; Kaufman et al., 2006, 2007; Le Guerroue et al.,
2006; McFadden et al., 2008; Prave et al., 2009; Zhu et al., 2007). An
important feature of these isotope anomalies is the decoupling of
carbonate and organic carbon isotopes (δ13Ccarb and δ13Corg), which
has been interpreted as recording the buffering effects of a large
particulate and dissolved organic carbon (DOC) reservoir in the ocean
(Fike et al., 2006; McFadden et al., 2008; Rothman et al., 2003). In this
interpretation, photosynthetic organic carbon from the surface ocean
constitutes only a small portion of the sedimentary organic matter
and the δ13Corg reflects largely the isotope composition of the oceanic
DOC reservoir. Only when the size of the DOC reservoir has been
significantly reduced through stepwise oxidation in the late Ediacaran

(ca. 560 Ma), did δ13Corg begin to covary with δ13Ccarb (Fike et al.,
2006; McFadden et al., 2008).

If a large DOC reservoir existed during the Ediacaran, a particular
question is whether this DOC reservoir was inherited from Cryogenian
oceans. Recent study suggests that the growth of the oceanic DOC
reservoir may have initiated with the onset of the early Cryogenian
glaciation at ca. 720 Ma (Swanson-Hysell et al., 2010). Carbon isotope
variations across shelf-to-basin transects (Giddings and Wallace,
2009a) and sulfur isotope studies (Hurtgen et al., 2005) also suggest
that stratified oceans existed during the Cryogenian and the basal
Ediacaran cap carbonates may have been formed through partial
oxidation of a large oceanic DOC reservoir (Giddings and Wallace,
2009a, 2009b; Rothman et al., 2003). If the Cryogenian DOC reservoir
continued temporally across the cap carbonate into the Ediacaran and
had the buffering effects on the carbon isotopes of sedimentary
organic matter (Fike et al., 2006; McFadden et al., 2008), it is expected
that δ13Corg from cap carbonates and their overlying strata would be
decoupled from δ13Ccarb, largely recording δ13Corg of the Cryogenian
DOC reservoir.

Existing organic carbon isotope data from cap carbonates and their
immediately overlying strata, however, are inadequate to test this
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hypothesis. Kaufman et al. (1997) reported coupled δ13Ccarb and
δ13Corg values from the Ediacaran cap carbonates in western Canada,
but it is difficult to judge whether the limited number of analyses
covers the entire cap carbonate sequence (James et al., 2001) or the
post-cap carbonate strata. Shen et al. (2008) reported paired δ13Ccarb
and δ13Corg data from the Zhamoketi cap dolostone in northwestern
China but the overlying siliciclastic strata are not amenable to δ13Ccarb
analysis. A few paired δ13Ccarb and δ13Corg data points have been
reported from the Doushantuo cap carbonate in south China (Ader et
al., 2009; Guo et al., 2007; McFadden et al., 2008), but the low
resolution and in general lack of data following the cap carbonate
prevent defining an isotope trend. This is mainly due to the difficulties
of obtaining δ13Corg data from the organic-poor cap carbonate and the
lack of fresh outcrops for the black shale interval above the cap
carbonate. In this paper we report high-resolution, paired carbonate
and organic carbon isotope data from multiple well-exposed sections
of the Doushantuo cap carbonate and its overlying black shales and
discuss the temporal continuity of the inferred oceanic DOC reservoir
at the Cryogenian–Ediacaran transition.

2. Stratigraphy

In south China, the 3–5-m-thick Doushantuo cap carbonate (ca.
635 Ma; Condon et al., 2005) overlies the glacial diamictites of the
Nantuo Formation and forms a distinctive marker bed across the
Ediacaran Yangtze platform (Fig. 1). In most sections, an 8- to 20-cm-
thick claystone layer is present between the diamictite and cap
carbonate (Zhang et al., 2008). The basal cap carbonate consists of
microcrystalline dolostone and dolowackestone and is locally dis-
rupted and brecciated, with stromatactis-like cavities, tepee-like
structures, sheet cracks and cements that have been interpreted as
methane-seep structures (Jiang et al., 2003a, 2006a; Wang et al.,
2008). The rest of the cap carbonate is composed of laminated
dolostone, shaly dolostone and limestone (Fig. 2). Peloids are
common and occasionally, faint microbial laminae and stromatolites
are present, but the lack of grainstones and other shallow-water
features such as cross-bedding and fenestrae suggests depositional

environments mostly below fair-weather wave base (Jiang et al.,
2006a).

The cap carbonate is overlain by a 4- to 5-m-thick black shale
interval that contains thin (b3 mm) pyrite layers in the lower part
(Fig. 3) and disseminated pyrite in the upper part. The contact
between the cap carbonate and the black shale is transitional, with
thin carbonate layers or nodules within black shale at the transition
(Fig. 2). Black shale changes upward to silty dolostone/dolomitic
siltstone in the outer shelf and slope sections (Fig. 2A and B) or to silty
shale and shaly siltstone in basinal sections (Fig. 2C).

3. Isotope analyses and results

3.1. Isotope analyses

Based on the availability of fresh outcrops covering the cap
carbonate and its overlying black shale interval, three sections (Fig. 1)
across a shelf-to-basin transect were selected for sampling at an
average spacing of 10–20 cm. All collected samples were cut into two
or more chips so that thin section observations can match the drilling
spots. Sample powders were drilled from relatively fine-grained, dark
laminae (or dark portion) of polished slabs. Both carbonate and
organic carbon isotopes, when applicable, were analyzed as splits
from the same powders of each sample.

For carbonate carbon and oxygen isotope analyses, about 50–
200 μg of carbonate powder was reacted with orthophosphoric acid
for 10 min at 70 °C in a Kiel device automatically connected to a
Finnigan Delta Plus dual-inlet mass spectrometer. Isotopic results are
reported as δ values with reference to the Vienna Peedee Belemnite
standard (VPDB). Precision monitored by NBS-19 and an internal
standard is better than 0.05‰ for both C and O isotopes.

For organic carbon isotope analysis, aliquots of powdered samples
between 5 and 30 mg (depending on TOC content) were first
decarbonated in silver capsules overnight through acid fumigation
(Harris et al., 2001) with concentrated HCL (12 M). After drying, one
or more drops of 1 M HCL were added to the capsules to ensure
complete carbonate removal. The silver capsules with carbonate-free
residue were then placed in weigh dishes (20 mL) filled with DI water

Fig. 1. Simplified geological map (A) and palaeogeographic reconstruction of the shelf-to-basin transect (B) showing the location of measured sections (after Jiang et al., 2003a).
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Fig. 2. Carbonate and organic carbon isotope profiles and TOC contents of the Doushantuo cap carbonate and its overlying strata in shelf (A), slope (B) and basinal (C) sections. See
Figure 1 for the location of sections.
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for 6 h and dried at 70 °C for 4 h. This wash and dry process was
repeated up to 3 times until pH tests gave a near neutral value (≥6.0).
Samples were then dried andwrapped in tin capsules and stored in an
oven at 70 °C prior to analysis. Organic carbon isotopes were analyzed
using an elemental analyzer (EA) coupled with a conflow interface
that automatically transfers carbon dioxide gas into a Finnigan Delta
Plusmass spectrometer. Isotope values are reported in permil relative
to VPDB. USGS-24 (graphite), IAEA-600 (caffeine), and acetanilide
(Costech Analytical Technologies) standardswere used tomonitor the
external and internal uncertainties that were better than 0.2‰ for
δ13Corg and 0.1% for TOC. To monitor the reproducibility of organic-
rich and organic-poor samples, duplicates were analyzed for every
sixth sample and their reproducibility in δ13Corg and TOC was better
than 0.5‰ and 0.2%, respectively. Isotope analyses were conducted at
the LVIS lab in the Department of Geoscience, University of Nevada,
Las Vegas.

4. Results

Isotope results are shown in Figure 2 (and in Supplementary
materials, Table 1). In the shelf section (Zhongling; Figs. 1 and 2A), cap
carbonate carbon isotopes show an upward-decreasing trend, with
δ13Ccarb values of −3.5‰ at the base and a minimum of −6‰ at the
top of the cap carbonate. In the silty dolostone above the black shale
interval, δ13Ccarb values shift to positive values (+3‰). Organic
carbon isotopes (δ13Corg) of the cap carbonate begin at −25‰, with a
minor negative shift down to −27.7‰ in the middle, and return to
−26‰ at the top of the cap carbonate. Amajor negative shift in δ13Corg
from −26.3‰ to −33.5‰ is found in the black shale interval above
the cap carbonate and δ13Corg returns to higher values (−28‰) in the
overlying silty dolostone and dolomitic siltstone. The carbonate and
organic carbon isotope difference (Δδ13C) varies from ~22‰ in the
cap carbonate, to 28‰ in the black shale interval, and to an average of
31‰ in the silty dolostones overlying the black shales.

Similar δ13Ccarb and δ13Corg patterns are observed in the slope
section (Siduping; Figs. 1 and 2B). Values of δ13Ccarb begin at−2.1‰ in
the basal cap carbonate; reach a minimum of −5.6‰ at the cap
carbonate–black shale transition; and return to positive (+1‰) in the
silty dolostones above the black shales. The cap carbonate has δ13Corg
values of −25‰ to −28‰ and a major negative shift with minimum
δ13Corg values of −34‰ is observed in the black shale interval,

concomitant with high TOC values up to 5%. The Δδ13C values change
from ~24‰ in the cap carbonate to an average of 30‰ in the overlying
strata.

In the basinal section (Yuanjia; Figs. 1 and 2C), δ13Ccarb changes
from −3‰ at the base to −5‰ at the top of the cap carbonate.
Overlying the cap carbonate, no carbonate lithology is available for
δ13Ccarb analysis. Organic carbon isotopes are around −26‰ at the
base (0–1.8 m), down to−27.5‰ in the middle (1.8–2.5 m), and back
to −25‰ at the top (2.5–4.0 m) of the cap carbonate. A major
negative shift in δ13Corg is observed in the black shale interval above
the cap carbonate, with minimum values down to−33.3‰. Similar to
the other two sections, Δδ13C values of the cap carbonate are from
20‰ to 23.5‰, with an average of 22‰.

The regionally consistent pattern and temporal trend of δ13Ccarb
and δ13Corg in all three sections across the shelf-to-basin transect
argue against a substantial secondary reset of isotope values. In the
absence of significant terrestrial organic carbon sources during the
Ediacaran (but see Knauth and Kennedy, 2009), the most important
secondary processes that may have altered δ13Corg values include bio-
and thermal degradations, which typically shift δ13Corg towards
higher values on the order of 1–3‰ for rocks metamorphically
lower than greenschist facies (Bekker et al., 2008; Clayton, 1991;
Hayes et al., 1983; Strauss et al., 1992). This magnitude of alteration is
less than half of the temporal δ13Corg variations seen in measured
sections. In addition, the relatively high H/C ratios (0.5–1.8)
documented from the organic matter of the Doushantuo Formation
suggested that δ13Corg of the Yangtze platform was not substantially
altered by thermal degradation (Guo et al., 2007). Thus we interpret
that the observed δ13Ccarb and δ13Corg patterns are not merely
diagenetic or metamorphic artifacts.

Summarizing the data from three sections (Fig. 4), important
isotope features include (1) δ13Corg values close to −26‰ (−26±
2‰) and Δδ13C values around 22‰ (22±2‰) in the cap carbonate
(0–4.1 m; interval I), (2) an up to 8‰ negative shift in δ13Corg with
limited change in δ13Ccarb at the cap carbonate–shale transition (4.1–
6.3 m; interval II), and (3) a positive shift in both δ13Corg (from−34‰
to −28‰) and δ13Ccarb (from −5‰ to +2‰) in the post-cap
carbonate black shale and silty dolostone/dolomitic siltstone (6.3–
12.0 m; interval III).

5. The origin of carbon isotope patterns

The δ13Ccarb values (−3‰ to −5‰) and trends (upward-
decreasing δ13Ccarb) of the Doushantuo cap carbonate are similar to
those previously reported from the same region (Ader et al., 2009;
Guo et al., 2007; Jiang et al., 2003a, 2006b; Shen et al., 2005; Wang et
al., 2008; Zhou et al., 2004; Zhu et al., 2007). Notice that δ13Ccarb

values of this study represent the bulk values of carbonate laminae
rather than those documented from micro-scale cements filled in
cavities and fractures (Jiang et al., 2003a, 2006a; Wang et al., 2008).
The origin of δ13Ccarb of cap carbonates has been discussed at length
in literature (see reviews in Fairchild and Kennedy, 2007; Giddings
and Wallace, 2009b; Hoffman and Schrag, 2002; Jiang et al., 2006b;
Shields, 2005), thus the following discussion focuses on the organic
carbon isotopes and differences between δ13Ccarb and δ13Corg

(Δδ13C).
Considering the fact that most Neoproterozoic strata yield δ13Corg

values b−25‰ and Δδ13C N25‰ (Hayes et al., 1999; Kaufman and
Knoll, 1995; Kaufman et al., 1997; Knoll et al., 1986), the δ13Corg
(−28–−35‰) and Δδ13C (28–30‰) values of the post-cap carbonate
interval (intervals II and III; Fig. 4) are within the range of typical
Neoproterozoic samples. Particularly, the co-varying positive shift in
both δ13Ccarb and δ13Corg with nearly constant Δδ13C (interval III;
Fig. 4) implies change in carbon isotopic composition of seawater and
is best explained by enhanced organic carbon burial after cap

Fig. 3. Thinly laminated pyrites in black shales overlying the Doushantuo cap carbonate.
(A) Zhongling section and (B) Siduping section. See Figure 1 for the location of sections.
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carbonate deposition. More equivocal are the δ13Corg values (−26±
2‰) with relatively low Δδ13C (22±2‰) from the cap carbonate. In
comparison with the data from the post-cap carbonate interval
(Fig. 4) and with those from Neoproterozoic strata in general (Hayes
et al., 1999; Kaufman and Knoll, 1995), δ13Corg values of the
Doushantuo cap carbonate do not represent a negative shift
corresponding to 13C-depleted DIC as recorded by δ13Ccarb. In addition,

the −8‰ shift in δ13Corg at the cap carbonate–shale transition
(interval II in Fig. 4) is not associated with a comparable shift in
δ13Ccarb. These features indicate that δ13Corg values of the Doushantuo
cap carbonate and its immediate overlying strata (interval I and II in
Fig. 4) were not controlled by the δ13C of the surface ocean DIC and
must have involved changes in (1) the source of organic carbon or (2)
carbon isotope fractionation.

Fig. 4. (A) Composite stratigraphy and carbon isotope profile of the Doushantuo cap carbonate and its overlying strata, normalized to the thickness of the slope section (Fig. 2B).
Three-point running average is plotted as solid lines. Intervals I, II, and III mark the distinctive δ13Ccarb and δ13Corg patterns. (B) Cross plot of δ13Ccarb–δ13Corg for intervals I, II, and III.

Fig. 5. Cross plot of δ13Corg–TOC for shelf (A), slope (B) and basinal (C) sections and the entire data from three sections (D).
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5.1. Changes in the source of organic carbon

The generally low TOC contents (mostlyb0.1%) of the Doushantuo
cap carbonate contrast with those of the overlying shaly interval
(Fig. 5), raising the possibility of facies-dependent temporal δ13Corg
variations between the cap carbonate and its overlying strata. Cap
carbonates represent rapid deposition from carbonate-supersaturated
oceans during postglacial transgression (e.g., Hoffman and Schrag,
2002; Hoffman et al., 1998; James et al., 2001; Nogueira et al., 2003).
Enhanced weathering associated with global warming and transgres-
sion could have increased detrital input to the ocean, including
detrital organic matter. If the majority of TOC was of detrital origin,
δ13Corg values of the cap carbonate may not record the isotopic
composition of primary production, but a mixed isotope signal from
fossil organic matter.

With this assumption, a simple interpretation can be invoked for
the observed δ13Ccarb–δ13Corg patterns (Fig. 6). In this case, the ‘high’
δ13Corg values of the cap carbonate can be viewed as a ‘positive’
excursion resulting from detrital organic carbon input with a
relatively high δ13Corg signature and the ‘negative’ δ13Corg shift at
the cap carbonate–shale transition represents a decrease in detrital
organic carbon input. This model implies that δ13Corg values for
primary production during cap carbonate precipitation may be as
negative as those from the overlying strata (Fig. 6).

This interpretation cannot be ruled out due to the difficulties of
separating detrital organic carbon from in situ production in this study,
although samples from relatively dark and light laminae do not show
distinguishable δ13Corg variations. Future studies may help to falsify this
hypothesis by focusing on (1) the comparison of δ13Corg values between
microbial laminae (and stromatolites) and their adjacent layers, (2) the
comparison of δ13Corg between cap carbonates and their underlying
strata, and (3) δ13Corg analyses temporally across the cap carbonate in
other sedimentary basins. Presumably, if the organic carbon of cap
carbonates is of detrital origin, it is expected to see large variations in
δ13Corg among cap carbonates of different sedimentary basins.

5.2. Changes in carbon isotope fractionation

If the temporal changes in δ13Corg (Fig. 4) were not mainly
controlled by detrital organic carbon input (Fig. 6), an alternative

interpretation could be that carbon isotope fractionation during
carbon fixation changed through time.

Carbon isotopic composition of marine organic matter reflects
both δ13C of oceanic DIC (dissolved inorganic carbon) and isotope
fractionation during carbon fixation. The latter is controlled by the
concentration of aqueous CO2 ([CO2]aq) in near-surface seawater,
productivity and growth rate, and cellular volume to surface area
(V/S) ratios (Hayes et al., 1999). In general, lower [CO2]aq, higher
growth rates, and larger phytoplankton with high V/S ratios lead to
lower carbon isotope fractionation and higher δ13Corg (Bidigare et al.,
1997; Freeman and Hayes, 1992; Hayes et al., 1999; Kump and Arthur,
1999; Laws et al., 1995; Popp et al., 1998; Werne and Hollanderb,
2004; Young et al., 2008). Chemoautotrophs including sulfur
oxidizing bacteria use recycled carbon during carbon fixation and
their biomass is up to 15‰ depleted in 13C relative to primary
photosynthate (Conway et al., 1994; Hollander and Smith, 2001; Ruby
et al., 1987). Methanotrophic bacteria assimilate carbon from 13C-
depleted methane and their biomass can be 13C-depleted relative to
photosynthetic organic matter by −15‰ to −40‰ (Conway et al.,
1994; Summons et al., 1994). Thus, the increase of chemoautotrophic
andmethanotrophic biomass contributions to TOCwould significantly
lower the δ13Corg of sedimentary organic matter and increase Δδ13C.

During cap carbonate precipitation, high primary productivity and
growth rates would have been possible due to elevated nutrient
supply associated with the upwelling of deep ocean seawater
(Grotzinger and Knoll, 1995; Knoll et al., 1986) and/or postglacial
warming and enhanced weathering (Giddings and Wallace, 2009a,b;
Hoffman and Schrag, 2002). However, elevated growth rates
commonly cause 13C-enrichment of the DIC reservoir and lead to
parallel trends in δ13Ccarb and δ13Corg (Bidigare et al., 1997; Hollander
and McKenzie, 1991; Laws et al., 1995). The most likely phytoplank-
ton with high V/S ratios following the Nantuo glaciation would be the
large acritarchs that have been documented from the Doushantuo
Formation (Zhou et al., 2007). However, these acritarchs postdate the
cap carbonate and acritarch-bearing strata yielded lower δ13Corg and
higher Δδ13C values than the cap carbonate (McFadden et al., 2008).

Low [CO2]aq in seawater during cap carbonate deposition may be
also difficult to maintain due to the potentially high pCO2 conditions
in the aftermath of the Cryogenian glaciation (Bao et al., 2008;
Hoffman and Schrag, 2002; Hoffman et al., 1998) and CO2 release
associated with carbonate precipitation (Giddings and Wallace,

Fig. 6. A simple interpretation for the origin of δ13Ccarb–δ13Corg patterns observed from the basal Doushantuo Formation (Fig. 4), assuming that themajority of TOC in the low TOC cap
carbonate was of detrital origin.
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2009b; Peltier et al. 2007). A more likely control of photosynthetic
carbon isotope fractionation may have been the [CO2]aq/HCO3

− ratios,
rather than the absolute concentration of [CO2]aq of the surface ocean
DIC. Low [CO2]aq/HCO3

− ratios may have enhanced active bicarbonate
(HCO3

−) uptake during photosynthetic carbon fixation (Raven et al.,
2002; Werne and Hollanderb, 2004). Evidence from modern lakes
(Hollander and McKenzie, 1991) and marine environments (Cassar et
al., 2004; Rau et al., 2001; Werne and Hollanderb, 2004) suggested
that active HCO3

− uptake by phytoplankton is common even in
conditions of high [CO2]aq and low growth rates if sufficient HCO3

− is
supplied. Because HCO3

− is the major component of surface ocean DIC
and its δ13C values are 8.2–11.6‰ higher than co-existing [CO2]aq
(Hayes et al., 1999), an increase of active HCO3

− uptake could lower
the isotopic discrimination against 13C during photosynthesis, result-
ing in 13C-enriched organic matter. A 50% increase in HCO3

− uptake
would reduce the photosynthetic carbon isotope fractionation by
approximately 5‰, assuming that during cap carbonate precipitation
the isotope difference between [CO2]aq and HCO3

− was close to 10‰.
If the organic carbon of the cap carbonate was of photosynthetic

origin and the low Δδ13C resulted from low [CO2]aq/HCO3
− ratio, the

−8‰ shift in δ13Corg at the cap carbonate–shale transition could have
resulted from the combined influence of increased [CO2]aq/HCO3

− ratio
at the end of cap carbonate precipitation and increase in chemoau-
trophic/methanotrophic biomass contribution. Figure 7 summarizes
the alternative interpretation (in comparisonwith Fig. 6) on the origin
of the observed δ13C patterns.

Stage I (Fig. 7A): at the end of the late Cryogenian glaciation,
transgression associated with global warming and deglaciation

potentially triggered methane release from methane hydrates
(Jiang et al., 2003a, 2006a,b; Kennedy et al., 2001a, 2008) and
upwelling of HCO3

−- and organic-rich deep ocean seawater (Giddings
andWallace, 2009a,b; Grotzinger and Knoll, 1995; Knoll et al., 1996).
Oxidation of methane and organic carbon could cause ocean anoxia
prior to cap carbonate precipitation (Jiang et al., 2006b; Zhang et al.,
2008). During cap carbonate deposition, the supply of HCO3

− from
deep ocean plus HCO3

− derived from anaerobic oxidation of organic
carbon and/or methane created bicarbonate-enriched seawater
conditions with low [CO2]aq/HCO3

− ratios. Enhanced bicarbonate
uptake by phytoplankton reduced primary carbon isotope fraction-
ation, producing organic matter that has relatively low Δδ13C values.
Because carbonate precipitation releases CO2, episodic changes in
seawater [CO2]aq/HCO3

− ratios would be expected. This is consistent
with the up to 4‰ changes in δ13Corg and Δδ13C in the cap carbonate
(Fig. 4).

Stage II (Fig. 7B): by the end of cap carbonate deposition, CO2

release from carbonate precipitation may have increased atmospheric
CO2 and [CO2]aq/HCO3

− ratios in surface ocean seawater. Consumption
of oxidants through organic matter/methane oxidation may have
caused intensive ocean anoxia/euxinia and ocean stratification with a
shallow chemocline extending at least to the shelf margins. A shallow
chemocline is consistent with the appearance of thinly laminated
pyrite layers (Fig. 3) and the similar magnitude of δ13Corg shift in the
shelf and basinal sections (Fig. 2). Increased photosynthetic carbon
isotope fractionation under high [CO2]aq conditions in the surface
ocean above the chemocline and increase in chemoautotrophic/
methanotrophic carbon fixation at and below the chemocline drove a
negative shift in δ13Corg. Because the increase in carbon isotope
fractionation and chemoautotrophic/methanotrophic carbon fixation
is independent of the δ13C of surface ocean DIC, δ13Ccarb does not show
a comparable change with δ13Corg.

Stage III (Fig. 7C): the positive shift in both δ13Ccarb and δ13Corg
represents the recovery from 13C-depleted DIC to near normal
seawater DIC. The co-varying δ13Ccarb and δ13Corg indicates that
δ13Corg of organic matter at this stage was mainly controlled by the
δ13C of surface ocean DIC. The positive shift in δ13Ccarb and δ13Corg
occurs within less than 4-m-thick strata (Fig. 4), suggesting a fast
recovery in the δ13C of surface ocean DIC that was likely driven by
increased production and organic carbon burial represented by the
widespread organic-rich (up to 5% TOC) shale overlying the
Doushantuo cap carbonate.

6. Implications for the DOC reservoir at the Cryogenian–Ediacaran
transition

It has been proposed that the Neoproterozoic ocean was
characterized by a large oceanic DOC reservoir that was at least 10
times greater than the modern oceanic DIC reservoir (which is
3.2×1018 mol of carbon) (Rothman et al., 2003). Partial oxidation of
such a large DOC reservoir would lower the δ13C of the oceanic DIC but
should not significantly influence the δ13C of marine organic matter.
For example, a 10‰ negative δ13Ccarb excursion requires the oxidation
and transfer of 1.6×1018 mol of carbon from the DOC to the DIC
reservoir (Rothman et al., 2003), which is less than 5% of the total DOC
reservoir and would not change the δ13Corg due to the buffering effect
of DOC. Such a mechanism has been used to interpret the decoupled
δ13Ccarb and δ13Corg trends preserved in Ediacaran successions (Fike et
al., 2006; McFadden et al., 2008) and more recently, in Cryogenian
successions (Swanson-Hysell et al., 2010). Only when the size of the
DOC reservoir has significantly reduced in the late Ediacaran (ca.
560 Ma), did δ13Corg begin to covary with δ13Ccarb.

The co-varying positive shift in δ13Ccarb and δ13Corg with ‘normal’
Δδ13C values (28–30‰) following the Doushantuo cap carbonate
(interval III in Fig. 4) clearly indicates that after cap carbonate
deposition, δ13Corg was not buffered by a large DOC reservoir. The

Fig. 7. An alternative interpretation for the δ13C patterns of the Doushantuo cap
carbonate and overlying strata (Fig. 4), assuming that the majority of TOC from cap
carbonate and its overlying interval were from primary and secondary productions in
the ocean.
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‘decoupled’ δ13Ccarb and δ13Corg from the Doushantuo cap carbonate,
however, are somewhat similar to those documented from the late
Ediacaran successions (Fike et al., 2006; McFadden et al., 2008). Is it
possible that the ‘decoupled’ δ13Ccarb and δ13Corg from the Doushantuo
cap carbonate (interval I in Fig. 4) recorded the buffering effects of a
large DOC reservoir?

Figure 8 provides a hypothetical interpretation with the assump-
tion that a large DOC reservoir existed prior to cap carbonate
deposition: (1) during cap carbonate precipitation (Fig. 8A), due to
the buffering effect of a large DOC reservoir, δ13Corg records largely the
isotope value of DOC and thus is decoupled from δ13Ccarb (interval I in
Fig. 4); (2) at the end of cap carbonate deposition (Fig. 8B), the DOC
reservoir was significantly reduced and the DOC-buffering effect on
δ13Corg diminished. Remineralization of DOC uses oxidants (Bristow
and Kennedy, 2008), leading to ocean anoxia/euxinia and expansion
of chemoautotrophic–methanotrophic organisms. Increase of chemo-
autotrophic–methanotrophic biomass contribution to TOC lowered
the δ13Corg of sedimentary organic matter, forming the negative
δ13Corg shift at the cap carbonate–black shale transition (interval II in
Fig. 4); and (3) after cap carbonate deposition (Fig. 8C), increase in
bio-productivity and organic carbon burial led to a positive shift in
both δ13Ccarb and δ13Corg (interval III in Fig. 4).

This interpretation is difficult to sustain. On the one hand, the DOC
reservoir had to be large enough (N10 times of the modern ocean DIC;
Fike et al., 2006; Rothman et al., 2003) to buffer the δ13C of organic

matter during cap carbonate deposition. On the other hand, the
buffering effect must have disappeared abruptly at the end of cap
carbonate deposition because large δ13Corg shifts are seen in the
overlying strata (intervals II and III; Fig. 4). Paleobathymetric
estimation based on the continental slope gradient (Liu et al., 1993)
and accommodation space of stratigraphic thickness (Jiang et al.,
2003a, 2006a) indicated that after cap carbonate deposition, thewater
depth of the basinal section (section 3 in Figs. 1 and 2) would have
been greater than 1200 m. Because the organic carbon isotope shift in
this section is similar to those in the shelf/slope sections (Fig. 2), it is
reasonable to assume that a large DOC reservoir capable of buffering
δ13C of organic matter did not exist after cap carbonate deposition.

Even if we assume that remineralization of oceanic DOC is the only
light carbon source for cap carbonates, the amount of remineralized
DOC needed to account for the δ13Ccarb signature of cap carbonate is in
the range of 0.8×1018–2.4×1018 mol of carbon (the δ13Ccarb shift
associated with cap carbonates is from 0‰ to −5‰ according to
Kennedy et al., 2001b; or from+10% to−5‰ according to Hoffman et
al., 1998). In this consideration, the maximum size of the DOC
reservoir prior to cap carbonate deposition was about 25% to 75% of
the modern ocean DIC. If the oceanic DOC was at this level, it is
expected to see co-varied rather than decoupled δ13Ccarb and δ13Corg
(Bekker et al., 2008; Rothman et al., 2003).

In summary, the δ13Ccarb and δ13Corg patterns from the basal
Doushantuo Formation (Figs. 2 and 4) is difficult to accommodate a
large oceanic DOC reservoir at the Cryogenian–Ediacaran transition.
Considering the complexity of organic carbon source during cap
carbonate deposition, it is quite likely that a large DOC reservoir did
not exist in early Ediacaran oceans and the carbon isotope anomaly
associated with cap carbonates represents perturbation of the global
carbon cycle comparable to those of the Phanerozoic. The large DOC
reservoir that has been used to explain the prominent, late Ediacaran
δ13Ccarb excursions (the Shuram and the upper Doushantuo excur-
sions; Fike et al., 2006; McFadden et al., 2008), if it existed, had to be
developed during the Ediacaran Period after cap carbonate deposition.
How that could be theoretically and physically possible is out of the
scope of this study, but the data provided here call attention to re-
evaluate the overly simplified view that the late Neoproterozoic ocean
was characterized by a large oceanic DOC reservoir that lasted for
millions of years from the beginning of Cryogenian (ca. 720 Ma;
Swanson-Hysell et al., 2010) to the end of Ediacaran (ca. 560 Ma; Fike
et al., 2006; McFadden et al., 2008).

7. Speculations on oxygen evolution at the Cryogenian–Ediacaran
transition

One of the intriguing phenomena of the basal Ediacaran strata in
south China is the presence of a 4–5 m-thick, organic-rich (up to 5%
TOC; Figs. 2 and 5) black shale immediately overlying the Doushantuo
cap carbonate. This black shale unit is widespread across the entire
basin, which extends from north to south for more than 500 km (Jiang
et al., 2006a). The negative to positive recovery of δ13Ccarb and δ13Corg
occurs in a thin interval (≤4 m thick) and is associated with high TOC
(Figs. 2 and 4), suggesting increased surface ocean production and
organic carbon burial. Because enhanced organic carbon burial serves
as the most efficient way for O2 release to the ocean and atmosphere
(Berner and Canfield, 1989; Kennedy et al., 2006), we speculate that a
large quantity of organic-rich shale deposits following the cap
carbonate may have led to a significant release of O2 and ocean
oxidation. Deposition of a 5-m-thick black shale with 2% TOC covering
half of the modern ocean seafloor (3.6×108 km2) would bury
3×1018 mol of organic carbon. If the buried organic carbon is derived
from primary productivity (vs. recycled sedimentary organic carbon),
3×1018 mol of free oxygen would be released, which amounts to 13
times the modern ocean dissolved oxygen (~2.3×1017 mol) or 10% of

Fig. 8. A hypothesized interpretation for the δ13C pattern of the basal Doushantuo
Formation (Fig. 4), assuming that a large DOC reservoir existed prior to cap carbonate
deposition. This interpretation is difficult to stand because (1) the DOC reservoir had to
be large enough to buffer the δ13C of organic matter during cap carbonate deposition
and (2) the buffering effect must have disappeared abruptly at the end of cap carbonate
deposition because large δ13Corg shifts are seen in the overlying strata. It implies that a
large DOC reservoir capable of buffering the δ13C of organic matter did not exist at the
Cryogenian–Ediacaran transition.
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the modern atmospheric oxygen (~3×1019 mol). Increased organic
carbon burial following cap carbonate deposition is consistent with
widespread black shale deposits in many other basal Ediacaran
successions (e.g., Halverson et al., 2004; James et al., 2001; Jiang et al.,
2003b; Nogueira et al., 2003; Rieu et al., 2007; Shields et al., 2007;
Xiao et al., 2004). Quantification of oxygen evolution at the
Cryogenian–Ediacaran transition requires additional efforts, but we
suspect that the widespread black shale deposits following the basal
Ediacaran cap carbonates may have resulted in the increase of oxygen
and heralded the first appearance of animals a few meters above the
cap carbonate in south China (Yin et al., 2007).

8. Conclusion

Paired carbonate and organic carbon isotope analyses of the basal
Ediacaran Doushantuo Formation reveal contrasting δ13Ccarb–δ13Corg
patterns and Δδ13C (Δδ13C=δ13Ccarb–δ13Corg) values between the
Doushantuo cap carbonate (ca. 635 Ma) and its overlying shaly
interval. The cap carbonate has δ13Corg values around −26±2‰
(VPDB) and relatively low Δδ13C (22±2‰). The overlying organic-
rich (up to 5% TOC) black shale and shaly dolostone have more
negative δ13Corg values (−28–−35‰), higher Δδ13C values (28–
30‰), and a co-varying positive shift in both δ13Ccarb and δ13Corg. The
relatively high δ13Corg and low Δδ13C of the cap carbonate are
associated with low TOC content (mostlyb0.1%) and their paleocea-
nographic implications are equivocal. They may have been influenced
by detrital organic carbon input during cap carbonate deposition and/
or low photosynthetic carbon isotope fractionation in HCO3

−-enriched
surface ocean. The more negative δ13Corg values overlying the cap
carbonate may have contributions from chemoautrophic–methano-
trophic biomass under anoxic/euxinic condition. The co-varying
positive δ13Ccarb and δ13Corg shift with Δδ13C of 28–30‰, which are
typical of Neoproterozoic strata, is best interpreted as resulting from
increased primary production and organic carbon burial. Rapid
increase in organic carbon burial after cap carbonate deposition may
have resulted in the rise of oxygen critical for the early animal
evolution shortly after the cap carbonate.

Co-varying δ13Ccarb and δ13Corg after cap carbonate deposition
imply that a large oceanic DOC reservoir capable of buffering δ13C of
organic matter did not exist at the Cryogenian–Ediacaran transition.
The hypothesized large DOC reservoir that has been used to interpret
the late Ediacaran Shuram and upper Doushantuo δ13C excursions (ca.
560 Ma), if it existed, had to be developed during the Ediacaran Period
after cap carbonate deposition, whichmay be physically difficult if not
impossible. The theoretically constructed, late Neoproterozoic DOC-
rich ocean model needs to be re-evaluated.
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